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[1] Recent observations of up to 6 secs of shear-wave
splitting in deep focus earthquakes from the Tonga-
Kermadec subduction zone provide insights into mantle
dynamics near the 660 km discontinuity. Modeling of
subduction body force stresses predicts large deviatoric
stress (�40 MPa) in the topmost lower mantle below a
viscosity increase at the 660 km discontinuity. Finite strain
calculations produce significant amounts of natural strains
(�7) in the lower mantle, and coherently aligned strain
ellipses. For a viscosity model with a viscosity increase at
660 km, 5–10 secs of shear-wave splitting is predicted,
compared to only 0–5 secs for uniform mantle viscosity.
For a viscosity increase model, we predict that shear-wave
splitting reduces from 7–10 secs to 4–6 secs when
deformation above 410 km is ignored, and further reduces
to 2–3 secs when deformation above 660 km is zeroed.
Various conversions from finite strain to anisotropy have
been explored. Predicted shear-wave splitting magnitudes
are comparable to those observed from the Tonga-Kermadec
subduction zone. INDEX TERMS: 1213 Geodesy and Gravity:

Earth’s interior—dynamics (8115, 8120); 7207 Seismology:

Core and mantle; 8168 Tectonophysics: Stresses—general.
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1. Introduction

[2] There is abundant evidence for seismic anisotropy in
the upper mantle [e.g., Silver, 1996; Fischer and Wiens,
1996] extending to the base of the olivine stability field at
410 km. The mantle between 410 km and the D00 was
thought to be isotropic, until recent observations suggested
weak anisotropy [e.g., Vinnik et al., 1998; Trampert and
van Heijst, 2002]. Wookey et al. [2002] analysed deep
focus events (>300 km depth) from the Tonga-Kermadec
subduction zone to Australian stations and observed shear-
wave splitting generally between 3 and 6 secs. They
showed that the shear-wave splitting observations are
generated by near-source anisotropy located in the topmost
lower mantle.
[3] The cause of the anisotropy in the topmost lower

mantle is unknown, however large body force stresses
created by a viscosity increase at the 660 km discontinuity
impeding a sinking subducting slab [Kusznir, 2000]
provide a potential mechanism for the alignment of

crystals or inclusions, which generates seismic anisotropy.
We investigate the possible cause of anisotropy in
the topmost lower mantle observed by Wookey et al.
[2002] using numerical geodynamic modelling and seismic
ray-tracing.

2. Subduction Body Force Stresses and Mantle
Viscosity Structure

[4] We use the 2D finite element method (FE) to
predict subduction zone stresses arising from incompress-
ible fluid flow driven by the body forces arising from the
negative buoyancy of the subducting slab. We do not aim
to model the development of subduction, only the flow
and stress field at the point when subducted slab reaches
the 660 km phase transition. The FE model extends from
the surface to the base of the mantle with zero vertical
velocity at model top and bottom. The FE model is driven
dynamically by the excess density (�50 kgm�3) of the
subducting slab within the upper mantle, rather than by
using plate-velocity boundary conditions. The density field
of the subducting slab extends to 660 km, dips at 60� and
has constant geometry with time. Starting with an initial
mantle geotherm, subduction temperatures are modelled by
a coupled diffusion-advection solution using advection
velocities from the FE fluid flow solution. Modeled
temperatures compare well to other studies [e.g., Sleep,
1973] and the predicted excess density of the subducted
slab is consistent with that used to drive the FE flow
model. Both flow and stresses resulting from subduction
are dependant on the viscosity structure of the upper and
lower mantle. Models of mantle viscosity structure show a
broad range of viscosity increase with depth from the
asthenosphere to the lower mantle and across the 410 km
and 660 km phase transitions [e.g., King, 1995; Kaufmann
and Lambeck, 2000; Steinberger and Holme, 2002]. We
explore the effect that mantle viscosity structure has on
subduction body force stresses and the generation of
seismic anisotropy. The slab is treated as a viscous fluid
with a viscosity of 1021 Pas.
[5] Deviatoric stresses calculated for the subduction

model, as the subducted slab reaches the 660 km phase
transition, are shown in Figures 1a and 1b for the Steinberger
[2000] viscosity-depth profile (model A) based on postgla-
cial rebound and geoid data, and for a uniform mantle
viscosity (model B). The viscosity models used in sensitivity
tests are shown in Figure 2. The Steinberger viscosity-depth
model (model A) generates deviatoric stresses of the order of
40 MPa over a large region in the topmost lower mantle with
lateral wavelength �800 km and depth extent �900 km. In
contrast, the uniform mantle viscosity profile (model B) only
generates significant magnitudes of deviatoric stress in
the lithosphere and subducting slab. It is these topmost
lower mantle stresses of model A, which may induce
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mineral alignment and thus generate the observed seismic
anisotropy.

3. Prediction of Seismic Anisotropy From
Finite Strain

[6] Observational evidence and theoretical predictions
[Ben Ismail and Mainprice, 1998; Wenk et al., 1991] show
that the fast shear-wave orientation aligns with the maxi-
mum extensional strain axes in olivine. Blackman and
Kendall [2002] suggest that simple flow fields produce
finite strain ellipse orientations that match fast seismic
directions determined for texture models. Consequently,
we use the calculation of finite strain as a first order
approximation to calculating seismic anisotropy surround-
ing a subducting slab. Our subduction models are two-
dimensional and therefore we assume that there is no
deformation in the third dimension.
[7] We use the formulation of Malvern [1969] and

McKenzie [1979] to calculate the finite strain accumulated
by a mantle parcel as it travels along a streamline. In a
Eulerian description the evolution of F (deformation tensor)
is determined using

@

@t
Fð Þ ¼ LF� v: rFð Þ; ð1Þ

where L is the velocity gradient tensor calculated from the
steady state FE fluid flow. F is calculated by integration for
a time duration corresponding to that required for slab
material to reach the 660 km phase transition. The initial
condition of F is the identity matrix corresponding to zero
deformation. From F we calculate the Green deformation

tensor, B, and the left hand stretch tensor V. The eigenvalues
and eigenvectors of V2 describe the exact shape of the finite
strain ellipse. Our approach is similar to that of Hall et al.
[2000], however Hall et al. calculate finite strain using B�1.
They perform an eigenvalue decomposition on B�1 and
define a stretching ratio from the deformed to undeformed
state in the direction of the i-th eigenvector of B�1. Both
approaches yield the same result, but numerically V2 is
faster to calculate and is used in this study. The amount of
strain is displayed by plotting the natural strain (z =
LOG10(l1/l2)) and the orientation of the major axes.

Figure 1. (a–b) Deviatoric stress magnitudes calculated using viscosity models A and B. Red = compressional and
green = tensile. Shading intensity indicates the magnitude of maximum shear stress. The position of the subducting slab is
shown. (c–d) Natural strain and orientation of the finite strain ellipse for viscosity model A and B. Natural strain magnitude
shown by shading and the orientation shown by the black eigenvectors. (e–f) Stresses for deformation memory zeroed
above 410 km and 660 km both for viscosity model A.

Figure 2. Viscosity models A–E used to calculate
subduction body force stresses and finite deformation.
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[8] The resulting natural strain and major axes orientation
for viscosity models A and B are compared in Figures 1c
and 1d and show a significant difference in the strains
generated by the two viscosity profiles. Viscosity model A
produces a region of large natural strain (�7) in the topmost
lower mantle in a region comparable to that with large
deviatoric stresses. The orientations of the major strain axes
also show a coherent alignment, which is required to
generate seismic anisotropy. In comparison, only a minor
amount of natural strain (�2) is generated in the top of the
lower mantle by model B. The orientation patterns of the
major axes of strain we produce in the upper mantle are
complex but are comparable to other studies [e.g., Fischer et
al., 2000].
[9] We conduct numerical experiments using viscosity

model A to explore the consequences of inherited defor-
mation for minerals that have undergone phase transitions
at 410 km (olivine to spinel) and 660 km (spinel to
perovskite) during subduction. Figure 1e shows that the
effect of setting to zero the inherited deformation from
above 410 km produces only a small reduction in the
magnitude of natural strain in the region around 660 km
(max �5). The effect of zeroing deformation above 660 km
is much more significant (Figure 1f), resulting in a
reduction of natural strain from approximately 7 to 2 for
the region below 660 km.
[10] The conversion from finite strain to seismic anisot-

ropy for perovskite is not well understood and consequently
we have tested three conversions schemes. Conversion (i) is
based on rock deformation studies on olivine by Ribe
[1992], in which anisotropy increases rapidly at small
strains before saturating at a finite strain of 1.5, and is
considered because no alternative conversions are available
for lower mantle minerals. We also consider conversions
which use: (ii) a linear scaling of finite strain to anisotropy
which saturates more slowly than the Ribe curve at a finite
strain of 3.5; and (iii) an exponential scaling that saturates
more quickly than the Ribe curve at a finite strain of 0.5. The
magnitude of anisotropy due to LPO of a polycrystalline
aggregate is about 1=3 � 1=2 of that of a perfectly orientated
single crystal [Karato, 1998] reducing the seismic anisot-
ropy �26% for a perovskite single crystal [Mainprice et al.,
2000] to a maximum magnitude S-wave anisotropy of 13%
for mantle material. An important limitation of all of

these conversions is that they do not consider dynamic
recrystallization, which is thought to partially randomize
mineral orientation [Ribe, 1992]. However, given our limited
knowledge of such processes in the lower mantle, we neglect
this effect.

4. Prediction of Shear-Wave Splitting for the
Tonga-Kermadec Subduction Zone

[11] In order to calculate shear-wave splitting we trace
seismic rays through the finite strain models in a 2D multi-
layered, inhomogeneous, anisotropic media, which requires
mantle velocities and densities. The density of the mantle is
calculated using PREM [Dziewonski and Anderson, 1981]
with the addition of the slab density as used in the FE
calculation. Mantle velocities are temperature dependant
and the values given by PREM are modified to include
the effects of subduction. The formulation of Sleep [1973] is
used to compute mantle velocities from temperature. The
ray tracing requires an anisotropic elastic model to be
constructed which we calculate using the Thomsen param-
eters [Thomsen, 1986], mantle densities, P- and S-wave
velocities. The Thomsen parameters are assumed to be the
same (i.e., elliptical anisotropy) and by definition describe a
transversely isotropic medium (hexagonal symmetry). The
symmetry axis is then aligned with the major axis of the
finite strain ellipse.
[12] We place a seismic source at the base of the

subducting slab (660 km) and use an anisotropic ray tracer
to trace rays to a depth of 1200 km. Beneath 1200 km the
models are assumed to be isotropic; and we then ray-trace
through the PREM velocity model to teleseismic distances
using the TauP toolkit [Crotwell et al., 1999]. We plot total
travel-time against epicentral distance and calculate shear-
wave splitting.
[13] Figure 3a, shows predicted shear-wave splitting

arising from subduction body force stresses for the range
of mantle viscosity models shown in Figure 2. The Ribe
conversion is used to map finite strain into anisotropy on the
assumption that perovskite behaves in a similar way to
olivine. Viscosity model A, which produces natural strains
of 7, generates 6–10 secs of shear-wave splitting. In
contrast, the uniform viscosity mantle model (model B),
with a predicted natural strain of 2, produces only 0–5 secs

Figure 3. (a) Shear-wave splitting from ray-tracing through anisotropy models generated by viscosity models A–E.
Shear-wave splitting from anisotropy showing the effect of zeroing deformation at 410 km and 660 km for (b) viscosity
model A and (c) viscosity model B.
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of shear-wave splitting. Three other mantle viscosity pro-
files (models C, D and E), which incorporate viscosity
increases at 410 km and 660 km depths, produce shear-
wave splitting magnitudes 0.5–7.5 secs, 6 secs and 4.5–
6 secs. Viscosity profiles with increases at 660 km depth
generally produce more shear-wave splitting (3–8 secs at
large epicentral distances and 0.5–3 secs at small epicentral
distances) than models without this increase. This observa-
tion is explained by the larger finite deformation fields
generated when a viscosity increase is present at 660 km
depth. Viscosity models D and E have abrupt jumps in
viscosity at 660 km depth, producing tt-residual trends that
show consistent shear-wave splitting with epicentral dis-
tance. However, viscosity model A has a gradual viscosity
increase at 660 km depth, and generates much more shear-
wave splitting and this decreases with increasing epicentral
distance. Viscosity model A spreads deformation over a
large lateral extent in the topmost lower mantle, while in
model E the large viscosity jump compresses the region of
high natural strain into a much smaller and thinner region.
Thus, model A produces greater amounts of shear-wave
splitting. Dynamic recrystallization and/or diffusion creep
would destroy some of the preferred orientation and
consequently our model over-predicts the magnitude of
anisotropy.
[14] The dependency of predicted shear-wave splitting

magnitude on the different conversion schemes for finite
strain to anisotropy has been examined (not shown here).
The Ribe conversion predicts more splitting than the linear
conversion, because the Ribe conversion saturates at a lower
finite strain and produces more anisotropy, while the expo-
nential conversion saturates even faster and produces still
larger amounts of shear-wave splitting (8–12 secs).
[15] Figures 3b and 3c show the effect on shear-wave

splitting of inherited deformation from above the 660 and
410 km phase transitions. For viscosity model A, we see
that the magnitude of shear-wave splitting reduces from 7–
10 secs to 4–6 secs of splitting when deformation accumu-
lated above 410 km is ignored, and that this further reduces
to 2–3 secs when all the accumulated deformation above
660 km is zeroed. The predicted splitting for a model when
deformation above 660 km is set to zero is surprising,
considering this model only produces natural strains of 2,
however this can be explained by the saturation of anisot-
ropy at small finite strain for the Ribe conversion. A similar
pattern of behaviour is observed for viscosity model B but
shear-wave splitting magnitudes are much smaller. Viscos-
ity model A produces comparable amounts of shear-wave
splitting as that observed by Wookey et al. [2002], when
deformation above 410 km is set to zero but not above
660 km. This suggests that minerals that undergo phase
transformations do inherit deformation accumulated by the
previous mineral phase, but how much is unclear.

5. Summary

[16] Models of subduction body force stresses predict
large deviatoric stresses (�40 Mpa) in a broad region within
the topmost lower mantle when the subducting slab encoun-
ters a viscosity increase at the 660 km discontinuity. Finite
strain calculations show that strain ellipses align in a similar
region as that of the large deviatoric stresses. Ray tracing
through these finite strain models produces in excess of

4 secs of shear-wave splitting when a viscosity increase is
present at the 660 km discontinuity. The amount of shear-
wave splitting generated is sensitive to not only the mantle
viscosity structure and the amount of deformation inherited
when a mineral undergoes a phase transformation, but also
the method of conversion from finite strain to anisotropy.
We conclude that when a slab encounters a viscosity
increase at the 660 km discontinuity, it impedes its move-
ment, which in turn produces large stresses in the topmost
lower mantle. These stresses induce mineral alignment, and
produce a region of anisotropy. We suggest that it is this
anisotropic region, at the top of the lower mantle that
generates the shear-wave splitting observed by Wookey et
al. [2002]. Slab penetration through the 660 km phase
transition into the lower mantle will generate further stresses
in the topmost lower mantle, however the calculation of
these stresses is complex and beyond the scope of this study.
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